
	 	 	
	

 1	

 1	
 2	
 3	
 4	
 5	
 6	
 7	
 8	

Clumped isotopologue fractionation by microbial cultures performing the anaerobic 9	
oxidation of methane 10	

 11	
Shuhei Ono1,*, Jeemin H. Rhim1, Danielle S. Gruen1,†, Heidi Taubner2, Martin Kölling2, 12	

Gunter Wegener2,3 13	
 14	

1 Department of Earth, Atmospheric and Planetary Science, Massachusetts Institute of 15	
Technology, Cambridge, MA USA. sono@mit.edu, jrhim@mit.edu, 16	
dgruen@alum.mit.edu 17	
2 MARUM Center for Marine Environmental Science, University of Bremen, Bremen, 18	
Germany.  19	
3 Max Planck Institute for Marine Microbiology, Bremen, Germany. gwegener@mpi-20	
bremen.de 21	
 22	
A manuscript prepared for submission to Geochimica Cosmochimica Acta 23	
 24	
*corresponding author, sono@mit.edu 25	
 26	
†: present address, Department of Surgery, University of Pittsburgh, Pittsburgh, PA 27	
15213   28	



	 	 	
	

 2	

 29	
 30	

Abstract 31	
 32	

Methane is abundant in marine subsurface sediments, sourced from microbial or 33	

thermocatalytic products. The relative composition of its isotopologues (12CH4, 13CH4, 34	
12CH3D and 13CH3D) is used to infer its sources and sinks. The anaerobic oxidation of 35	

methane (AOM) is an important methane sink reaction carried out by consortia of 36	

anaerobic methanotrophic archaea (ANME) and partner bacteria in the presence of 37	

methane and sulfate. We investigated the methane isotopologue fractionations during 38	

AOM in experiments with cultures of ANME-1 archaea and partner bacteria obtained from 39	

hydrothermally heated gas-rich sediments of the Guaymas Basin. During partial methane 40	

consumption in four sets of experiments, residual methane became enriched in 13CH4 and 41	
12CH3D, following kinetic fractionations from 11.1 to 18.3 ‰ and from 117 to 180 ‰, 42	

respectively. Results from one set of experiments with D-depleted medium water (δD = –43	

200‰, whereas the control was –55‰) suggest the potential reversibility during methane 44	

activation step, which would contributes to equilibrium as opposed to kinetic 45	

fractionations. The value of Δ13CH3D (the abundance of 13CH3D with respect to that 46	

expected from stochastic distribution) increased toward and beyond (up to 8.4‰) the value 47	

expected for isotopologue equilibrium (5.3‰ at 37 °C). The kinetic clumped isotopologue 48	

fractionation (difference between 13CH3D/12CH3D and 13CH4/12CH4 fractionations) of 4.8 49	

to 12.8 ‰ is in contrast with our previous observation of little to no clumped isotopologue 50	

effect during aerobic methane oxidation. Our results demonstrate that AOM can contribute 51	

to near-equilibrium Δ13CH3D values observed in marine sediments and 13CH3D 52	

systematics can be used to distinguish aerobic versus anaerobic methanotrophic processes 53	

in nature.  54	

  55	
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1 Introduction 56	
Marine sediments store about 500 to 5000 Gt of methane (Milkov 2004; Buffett 57	

and Archer, 2004). This methane derives from three main sources. In deep marine 58	

sediments, typically a few km or deeper, thermogenic methane is produced via the 59	

thermocatalytic decay of organic matter (e.g., Tissot et al., 1974). In shallower anoxic 60	

sediments and petroleum reservoirs, typically below ca. 60 to 80 °C, archaea produce 61	

methane as a metabolic product (Reeburgh, 2007; Inagaki et al., 2015; Wilhelms, 2001). A 62	

minor component of marine methane may originate from abiotic methane production 63	

during the alteration of seafloor rocks (e.g., Klein et al., 2019; McDermott et al., 2015; 64	

Wang et al., 2018). The origins of methane are often inferred based on its carbon (13C/12C) 65	

and hydrogen (D/H) isotopic compositions (e.g., Schoell, 1980; Whiticar, 1999). Methane 66	

that is depleted in 13C by < –45‰ (with respect to PDB) is usually interpreted as microbial 67	

in origin. Thermogenic methane is usually more 13C-enriched. The boundaries between 68	

these values are not well defined.   69	

In addition to bulk isotope ratios, the relative abundance of rare methane 70	

isotopologues with multiple heavy isotope substitutions (e.g., 13CH3D and 12CH2D2), also 71	

known as clumped isotopologues, has been proposed as a tool to gauge the temperature of 72	

methane generation or isotopic re-equilibration (Stolper et al., 2014a,b; Wang et al., 2015; 73	

Young et al., 2017). This approach is based on the isotopologue exchange reaction:  74	

13CH4 + 12CH3D ↔ 13CH3D + 12CH4.    (1)  75	

The equilibrium constant of this reaction primarily depends on temperature, approaching 76	

unity at high temperatures (1.0002 at 1,000 °C) and expected to be about 1.0057 at 25 °C. 77	

The effects of pressure, hydration, salinity etc. are expected to be small but have not been 78	

carefully examined. Thus, precise measurements of four isotopologues of methane yield 79	

the apparent temperature that is expected if isotopologues were thermally equilibrated. 80	

Studies thus far have shown that the clumped isotopologue composition of methane from 81	

subsurface environments (e.g., marine sediment pore water, natural gas deposits) often 82	

yields reasonable formation temperatures, whereas methane sampled from surface 83	

environments (e.g., ruminants, lakes, and swamps) is characterized by clear kinetic signals 84	

that yield apparent clumped isotopologue temperatures much higher than the 85	
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environmental temperatures (Ash et al., 2019, Douglas et al., 2017, 2020; Giunta et al., 86	

2019; Stolper et al., 2014b, 2015; Wang et al., 2015; Young et al., 2017).  87	

The kinetic isotopologue signals from surface methane are consistent with those 88	

from laboratory culture experiments, in which methanogens consistently produced 89	

methane with non-equilibrium isotopologue compositions (Wang et al., 2015; Douglas et 90	

al., 2017 2020; Young et. al., 2017; Gruen et al., 2018; Stolper et al., 2015). Previous 91	

studies have also investigated the clumped methane isotopologue fractionation during sink 92	

reactions, including aerobic methane oxidation (Wang et al., 2016) and gas phase methane 93	

oxidation by OH and Cl radicals (Whitehill et al., 2017; Joelsson et al., 2014, 2016). Both 94	

processes fractionate isotopologues in such a way that the remaining methane is more 95	

depleted in 13CH3D, which brings 13CH3D abundance away from that expected for 96	

equilibrium. Therefore, questions remain as to how methane with apparent equilibrium 97	

isotopologue signals can be produced in marine subsurface environments. It has been 98	

hypothesized that methane with equilibrium isotopologue composition is linked to high 99	

reversibility of slow methanogenesis in low-energy environments (Stolper et al., 2015; 100	

Wang et al., 2015; Okumura et al., 2016) and/or the result of the anaerobic oxidation of 101	

methane (AOM) (Ash et al., 2019; Giunta et al., 2019; Okumura et al., 2016). A question 102	

remains whether AOM is required to produce equilibrium δD and ∆13CH3D (and 103	

∆12CH2D2) signals. We note that similar questions were raised for sulfur isotope systems 104	

whether near-equilibrium 34S/32S fractionation requires oxidative sulfur cycles or can be 105	

produced by microbial sulfate reduction alone (e.g., Canfield and Thamdrup, 1994; Sim et 106	

al. 2011).  107	

The AOM is performed by anaerobic, methane-oxidizing archaea (ANME) that 108	

form consortia with sulfate-reducing bacteria (reviewed in Knittel et al., 2019). The ANME 109	

are relatives of methanogens and they reverse the entire methanogenesis pathway for 110	

methane oxidation (Hallam et al., 2004; Meyerdierks et al., 2010). The effect of AOM on 111	

carbon and hydrogen isotopic compositions of methane has been investigated in multiple 112	

studies. At seawater sulfate concentrations (28 mM), AOM has kinetic carbon and 113	

hydrogen isotope fractionations resulting in the enrichment of 13C and D in the remaining 114	

methane (Holler et al., 2009). In contrast, AOM at low sulfate concentrations results in 13C-115	

depletion in the remaining methane. The decreasing methane carbon isotopic compositions 116	
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were explained as isotopic equilibration between methane and inorganic carbon mediated 117	

by AOM (Yoshinaga et al., 2014). The different availability of sulfate may explain the 118	

variant methane isotope patterns observed in AOM active marine sediments (Borowski et 119	

al., 1997; Pohlman et al., 2008; Yoshinaga et al., 2014). Similar studies for the hydrogen 120	

isotope systematics have not been published.  121	

This study experimentally examines the bulk (13C/12C and D/H) and clumped 122	

isotopologue (13CH3D) fractionation of AOM. The cultures used in this study consist of 123	

consortia of ANME of the ANME-1 clade and the partner bacteria of the Seep-SRB2 group 124	

(Holler et al., 2011a; Krukenberg et al., 2018). To reveal the isotope fractionation patterns 125	

of AOM, we measured the relative abundance of four isotopologues, 12CH4, 13CH4, 12CH3D 126	

and 13CH3D of methane remaining in the cultures. The fractionation of 13CH3D for AOM 127	

is characteristically different from that of aerobic methane oxidation reported in a previous 128	

study (Wang et al., 2016). Our study suggests that AOM may contribute to, although is not 129	

necessarily required for, the near-equilibrium isotopologue signals observed in marine 130	

environments.  131	

 132	

2 Methods 133	

2.1 Description of culture experiments 134	
All experiments were performed with sediment-free 37 °C AOM enrichment 135	

cultures obtained from hydrothermally-heated, gas-rich sediments of the Guaymas Basin 136	

sampled during RV Atlantis cruise AT15-56 with the submarine ALVIN in December 137	

2009. The cultivation procedures, physiological properties and microbial compositions of 138	

this culture have been described before (Laso-Pérez et al., 2018; Holler et al., 2011a; 139	

Krukenberg et al., 2018; Wegener et al., 2016).  140	

The analysis of methane clumped isotopologue composition requires a relatively 141	

large gas sample of 40 µmol or more methane. To meet this requirement, we performed 142	

four different (C, B, D and N) series of 6 to 11 replicate incubations each (Table 1). 143	

Experiment C- and B-series were run as duplicates (the same starting methane and carried 144	

out at the same time). D- and N- series used the same starting methane but D-series used 145	

D-depleted water medium (δDH2O = –200‰, Table 1) to test the potential exchange of H 146	
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isotopes between water and methane. N-series (normal D-experiment, δDH2O = –55‰) is a 147	

control for D-series that was run simultaneously with the D-series. Experiment X-series 148	

are the abiotic control experiments run at the same time as B- and C-series experiments. 149	

These control experiments were not inoculated in order to test the potential isotopologue 150	

fractionation during sample processing.  151	

For the experiment, a suitable amount of culture targeting a methane-dependent 152	

sulfate reduction rate of 100 to 150 µmol l-1 d-1 was homogenized by stirring in an anoxic 153	

chamber free of hydrogen gas. The homogenized culture was supplied with fresh artificial 154	

saline medium with seawater sulfate concentration (28 mM) and 10 mM dissolved 155	

inorganic carbon (DIC). The culture was then equally distributed to 70-ml culture vials and 156	

filled up completely with culture medium. For the experiment with low D-H2O (D-series), 157	

the culture medium was prepared with 200 ml D-depleted water (≤ 1ppm D, Sigma-158	

Aldrich) and 800 ml ultrapure water.  159	

The completely filled and closed culture bottles were removed from the chamber and 160	

7 ml of the medium volume was replaced with 20 ml of methane:CO2 (90:10) gas mixture 161	

that supplied 0.75 mmol methane to the culture. Hence, all experiments were performed 162	

under excess of sulfate (1.76 mmol per vial). All bottles were transferred into a 37 °C 163	

incubator equipped with a shaking table operated at 70 rpm. Due to constant agitation of 164	

the bottles and the slow AOM rate, all reactants and products of AOM including methane 165	

isotopologues are considered to be equilibrated between liquid and headspace. Sulfide 166	

concentrations for samples were measured every 3 to 5 days from 0.1 ml sample volume 167	

in a miniaturized 4 ml copper sulfate assay (Cord-Ruwish, 1985). The increase of sulfide 168	

concentrations was used to determine the amount of methane consumed in the samples, 169	

assuming 1:1 stoichiometry between methane oxidation and sulfide production, according 170	

to the reaction stoichiometry, CH4 + SO42- → HCO3- + HS- + H2O.  171	

At the beginning of the experiment and when reaching designated sulfide 172	

concentrations (i.e., reaching specific partial methane consumption values), these bottles 173	

were sampled for different measurements. The liquid phase was sampled for the 174	

measurement of DIC isotopic compositions (filtration of 6 ml medium into Exetainer® 175	

vials, Labco) and the determination of hydrogen isotopic composition of water (filtration 176	

of 2 ml into Exetainer). Then, the culture headspace was completely replaced with anoxic 177	
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DIC-free medium, while a syringe concurrently collected the headspace (methane). This 178	

gas was transferred to another culture vial that was filled with 10 % NaOH solution by 179	

displacement.  180	

 181	

2.2 Isotope ratio analyses  182	
Isotope ratios are reported using standard delta-notation: 183	

 
𝛿 A	i =

& A	i A	'⁄ )
*+,-./	

( A	i A	'⁄ )2/3/2/45/	
− 1 (2) 

Where, iA is 2H (symbol D is used as deuterium), 13C, or 18O, for the isotope ratio (iA/jA), 184	
2H/1H, 13C/12C or 18O/16O, respectively. Following IUPAC recommendations, the 185	

commonly used multiplication factor of 1000 is omitted from the definition since it 186	

technically belongs to per mil (‰) (Coplen, 2011).  187	

Hydrogen isotopic compositions of medium water (δDH2O) were measured by cavity 188	

ring-down spectrometry (Picarro L-2130-i). The geometric mean and relative standard 189	

deviations are calculated from the last three of nine 7 µl injections of a 0.2 µm-filtered 190	

water sample. The results are calibrated against the VSMOW2 and SLAP2 isotope 191	

standards. For calibration, we used 39:1, 19:1, 9:1 and 5:1 mixtures of our lab standard 192	

"LMOW" (δ18O = +0.10‰, δD = +0.45‰ on the VSMOW2-SLAP2 scale) and SLAP2.  193	

Carbon isotopic compositions of DIC were determined by isotope ratio infrared 194	

spectrometry (IRIS; Thermo Scientific Delta Ray IRIS with URI connect and Cetac ASX-195	

7100 Autosampler). Measurement vials (12 ml Exetainer® vials; Labco) were filled with 196	

100 µl phosphoric acid (45%) and headspace was flushed and replaced with synthetic air 197	

for 3 minutes. Samples (1 ml each) were injected via a syringe and kept at room 198	

temperature for transformation of DIC into CO2. After 10 hours of equilibration, the carbon 199	

isotopic composition of CO2 of each sample was analyzed. 200	

 201	

2.3 Methane isotopologue analysis 202	
Samples of methane (>40 µmol) were purified by cryogenic distillation to remove 203	

water and CO2, followed by cryofocusing-preparative gas chromatography (Wang et al., 204	

2015; Wang et al., 2016). Preparative gas chromatography is equipped with a packed 205	
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column (Carboxen-1000, 5’×1/8”, Supelco) held at 30 °C with helium carrier gas. The 206	

eluted methane was trapped on activated charcoal at liquid nitrogen temperature. The 207	

relative abundances of 12CH4, 13CH4, 12CH3D and 13CH3D were measured using tunable 208	

infrared laser direct absorption spectroscopy (TILDAS) described previously by Ono et al. 209	

(2014). 210	

Results in Table 1 show 95% confidence interval for the spectroscopic 211	

measurements, typically 0.2 to 0.4 ‰ for Δ13CH3D values. This does not include potential 212	

fractionation during sample preparation. Data for abiotic control experiments (X-series, 213	

Table 1) show that the errors for sample preparation processes are comparable to the 95% 214	

confidence above. Most samples were measured by the recycle mode, in which sample CH4 215	

was recovered from the TILDAS absorption cell to the cold trap, and reintroduced to 216	

TILDAS for 6 to 10 times. This allows repeated comparison of sample against reference 217	

gas. Thus, precision is not necessarily a function of sample size. Isotope values are reported 218	

using standard delta notation against PDB and SMOW for the ratios 13C/12C and D/H, 219	

respectively. This isotope scale was calibrated by the measurements of NGS-1 and NGS-3 220	

(Wang et al., 2016).  221	

 We define Δ13CH3D value as a measure of the abundance of 13CH3D relative to 222	

stochastic distributions (Ono et al., 2014): 223	

 
𝛥 CH3D	

13 = ln;
CH3D	

13

CH3D	
12 ∙

CH4	
12

CH4	
13 = (3) 

The relationship between Δ13CH3D values and apparent methane generation temperatures 224	

is based on the formula 225	

 
𝛥 CH3D(T)	

13 = −0.11006 B
1000
𝑇

D
E

+ 1.04151 B
1000
𝑇

D
I

− 0.55235 B
1000
𝑇

D
	

 (4) 

where T is temperature in Kelvin. The equation is approximated from the solution based 226	

on the fundamental vibrational frequencies calculated by density functional theory 227	

(Whitehill et al., 2017). Equation (4) produces lower Δ13CH3D values by 0.1±0.01‰ (for 228	

the temperature range from 20 to 160 °C) compared to the recent calibration by Eldridge 229	

et al. (2019).  230	

  231	
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2.4 Calculation of isotope fractionation factors 232	
Isotope fractionation factors (α values) are calculated based on the conventional 233	

Rayleigh equation (Mariotti et al., 1981):  234	

 ln(𝛿LEC + 1	) = ln(𝛿LECN + 1)	 +	 ( α − 1)	
LE ∙ ln 𝑓, and  (5) 

 ln(𝛿D + 1	) = ln(𝛿DN + 1)	 +	 ( α − 1)	
I ∙ ln 𝑓.  (6) 

Where f is the fraction of CH4 remaining, and 13α and 2α are the kinetic isotope fractionation 235	

factors for carbon (13C/12C) and hydrogen (D/H) isotopes, respectively, and δ13C0 and δD0 236	

are initial isotope compositions of methane. The kinetic fractionation factor is the ratio of 237	

the rate constants for 13CH4 or 12CH3D relative to 12CH4 (e.g., 13α = k13CH4/k12CH4). The ε 238	

symbol is used to represent the departure of fractionation factors from unity (13ε = 1-13α or 239	
2ε = 1-2α). Equations (5) and (6) are exact solutions when f is quantified as the fraction of 240	
12CH4 remaining (as opposed to total methane isotopologues). Fractionations (slopes) and 241	

their uncertainty are calculated by weighted least square method of York et al. (2004). 242	

Errors for H2S concentrations are estimated to be 5% of measured value. For isotopologue 243	

ratios, 95% confidence interval for 4 to 8 measurements were used to estimate errors (Table 244	

1; Figure 1).  245	

The corresponding equation for the Δ13CH3D value is:  246	

 
𝛥 CH3D	

13 = 𝛥 CH3DN	
13 + ( α − α − α + 1)	

I
	

LE ∙	
LE,I ln 𝑓 (7) 

where, 13,2α is the isotopologue fractionation factor for 13CH3D relative to 12CH4 (Wang et 247	

al., 2016). According to the rule of geometric mean (Bigeleisen, 1955), 13,2α is 248	

approximately equal to the product of 13α and 2α (13,2α≃13α·2α). We define the deviation 249	

from the rule of geometric mean as the kinetic clumped isotopologue factor (γ): 250	

 
𝛼 = 𝛾 ∙	

LE,I 𝛼 ∙ 𝛼	I	
LE  (8) 

For bond breaking processes, the reduction of the zero-point energy (ΔZPE) at transition 251	

state produces γ values less than unity (Whitehill et al., 2017) as discussed in section 3.2.  252	
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3 Results  253	
Results of the experiments are reported in Table 1. Throughout the course of each 254	

experiment, AOM partially consumed methane, as indicated by increasing sulfide 255	

concentrations. The AOM consortia consumed 100 to 160 µmol of methane per liter per 256	

day, translating into about 0.9% to 1.6% of the supplied methane. The rates of AOM 257	

remained largely constant, due to the inherently slow growth of AOM communities with 258	

doubling times of about 90 days. After specific time intervals, single bottles were analyzed 259	

for headspace methane concentrations (see methods).  260	

All four series of experiments showed kinetic isotope fractionations with progressive 261	

enrichment of the residual methane in isotopologues containing heavy (13C and D) isotopes 262	

(Fig. 1). Fig. 1 illustrates the derived fractionations for the carbon isotope of 11.1‰ to 263	

18.3‰ and hydrogen isotope fractionation of 117‰ to 180‰ (Fig. 1; Table 2). 264	

Experiments carried out at the same time and using the same starting culture (i.e., B- versus 265	

C-series, and N- versus D-series), yielded consistent fractionation factors, but the two sets 266	

of experiments yielded somewhat different fractionation factors. One reason for the 267	

different fractionation factors might be the slightly lower pH value in the later experiments 268	

(6.8 versus 7.2). This modification was introduced in between the two experiments to avoid 269	

carbonate precipitation in the cultures. Last two data points for D-series are not on the 270	

linear regression trend. Its implication to reversibility is discussed in section 4.1 and 271	

Appendix A. During the course of the experiments, the Δ13CH3D values of methane 272	

increased from 2.0±0.5‰ to up to 8.5‰, which is higher than the value expected for 273	

isotopologue equilibrium at experimental temperature (Δ13CH3Deq. = 5.4‰ at 37 °C) 274	

(Table 1; Fig. 1).  275	

 276	

4 Discussion 277	

4.1 Kinetic isotopologue fractionations were observed during AOM 278	
The observed ranges of kinetic fractionations for 13C/12C and D/H ratios (from 279	

11.1‰ to 18.3‰ and from 117‰ to 180‰, respectively) are largely consistent with the 280	

previous study, where AOM cultures were adapted to and experimented at lower 281	

temperatures (12 and 20 °C) (Fig. 2; Holler et al., 2009).  282	
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In order to evaluate if the observed isotopologue effect is entirely kinetic, the 283	

potential reversibility of AOM was investigated with cultures using media with different 284	

δD compositions (D- and N-series, Table 1). The experiment with a strongly D-depleted 285	

incubation medium (D-series, δDH2O = –200‰) and an accompanying experiment with 286	

medium without the D-depleted water (N-series, δDH2O = –55‰) yielded inconclusive 287	

results regarding the effect of δD values of medium water and the potential reversibility 288	

for AOM. Although results of York regression (Figure 1e) yielded statistically different 289	

D/H fractionations (116.5 ± 3.5 vs. 141.1 ± 6.0 for D- and N-series, respectively). The 290	

shallower slope for D-series is largely due to the last two data points, where methane 291	

consumption by AOM is above 50%. Because the normal δDH2O experiments (N-series) 292	

were not run above 47.5% methane consumption (Figure 1e, Table 1), the comparison of 293	

D- and N-series remain inconclusive. During AOM, the δD values consistently increased 294	

from the initial value of –190‰ up to –80‰ (Table 1). This is opposite from what is 295	

expected for isotope equilibration between methane and water. It would drive methane δD 296	

values lower towards equilibrium values, which are –360 and –244 ‰ for D- and N-series 297	

experiments, respectively. Accurate evaluation of the degree of reversibility requires the 298	

estimate of primary and secondary D/H fractionation factors. We present a preliminary 299	

model in Appendix A, which suggests that reversibility could be as high as 60% during the 300	

activation of methane with methyl-coenzyme M reductase (MCR) for experiments N- and 301	

D-series, whereas the same model predict reversibility as much as 69% for B- and C-series) 302	

(Fig. A2). Radiotracer (14C) experiments with AOM cultures have demonstrated a 303	

substantial amount (up to 5% of net AOM rate) of carbon back flux from the DIC to 304	

methane (Holler et al., 2011b). Marlow et al. (2017) reported the rates of AOM estimated 305	

from the production of 14CO2 from 14CH4 and HDO from 12CH3D. They observed the rate 306	

based on HDO production is a factor of two faster than that based on 14CO2, suggesting the 307	

back flux from MCR is 50% compared to the complete oxidation of CH4 to CO2 (Marlow 308	

et al., 2017). If deuterium isotope effect is considered, the back flux would be higher than 309	

50%, consistent with our estimate of 60% reversibility. Our focus is to present the data for 310	
13CH3D such that the detailed investigation of the reversibility is the scope for future 311	

studies.   312	
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The values of Δ13CH3D of initial methane were 1.6‰ for C- and B-series, and 2.5‰ 313	

for D- and N-series. These values correspond to apparent clumped temperatures of 299 and 314	

195 °C, respectively, suggesting a thermogenic origin. During the course of the 315	

experiments, the Δ13CH3D values of methane increased, and corresponding clumped 316	

temperature decreased towards experimental temperature of 37 °C, reaching an apparent 317	

isotopologue equilibration. For two experiments that consumed >70% of the supplied 318	

methane, however, Δ13CH3D values increased beyond that expected for equilibrium at 319	

37 °C (Δ13CH3Deq. = 5.4‰). The highest Δ13CH3D value of 8.5‰ (Table 2) translates to a 320	

clumped temperature of –46 °C. This is far below the incubation temperature of 37 °C and 321	

clearly indicates predominantly kinetic fractionation of the clumped isotopologue, 13CH3D.  322	

The increase of Δ13CH3D values of residual methane during oxidation is 323	

characteristic of AOM in our experiment. Fig. 3 compares the evolution of Δ13CH3D values 324	

observed during experiments for different methane oxidation processes. The value of 325	

Δ13CH3D for residual methane progressively decreased during methane oxidation by 326	

aerobic methanotrophic bacteria (Methylococcus capsulatus; Wang et al., 2016) as well as 327	

gas phase methane oxidations by OH and Cl radicals (Whitehill et al., 2017). Thus, 328	

although all three methane oxidation processes tested so far (AOM, aerobic methane 329	

oxidation, and gas phase oxidations) enriched the residual methane in 13C and D-containing 330	

isotopologues, AOM yielded a distinguishable trend in terms of clumped isotopologue 331	

signals (Fig. 3). This could be attributed to the reaction mechanism intrinsic to methane 332	

activation by MCR, as discussed in the next section.  333	

 334	

4.2 Transition state structure is linked to kinetic clumped isotopologue 335	
effects of AOM 336	

Our experimental studies showed that methane oxidation by AOM increased the 337	

Δ13CH3D values of residual methane, in contrast to aerobic methanotrophy and gas phase 338	

oxidations, which decreased the Δ13CH3D values (Fig. 3). Following our definition of 339	

Δ13CH3D (Equation-3), the slopes in –ln(f) vs. Δ13CH3D plots (Fig. 1c and 1f) are 340	

determined by all three isotopologue fractionation factors (13,2α, 13α and 2α; Equation-7). 341	

The calculated intrinsic clumped isotopologue fractionation factor (γ, Equation-8) for 342	

AOM ranges from 0.9872 to 0.9952 (Table 2). These γ values are much less than unity 343	
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compared to those measured for aerobic methanotrophy (1.0004±0.0006, Wang et al., 344	

2016) and oxidation by OH and Cl radicals (0.9997±0.0012 and 0.9965±0.0007, 345	

respectively) (Whitehill et al., 2017). The different intrinsic γ values could be related to the 346	

transition state structure of the reaction and, thus, characteristic to the enzyme that 347	

catalyzes the reaction of aerobic vs. anaerobic methanotrophy.  348	

Clumped isotope effects, a fractionation that produces γ < 1, can be thought of as 349	

double isotope effects. That is, a 13C isotope effect on a D isotope effect, or a D isotope 350	

effect on a 13C isotope effect. For methane molecules, the zero-point energy shift (ΔZPE) 351	

for 13C/12C substitution in non-deuterated methane (i.e., 13CH4 vs 12CH4) is 29.8 cm–1. In 352	

comparison, ΔZPE for 13C/12C substitution in mono-deuterated methane (i.e., 13CH3D vs 353	
12CH3D) is 31.8 cm–1 (Fig. 4). The physical origin of preferential stability of 13CH3D is the 354	

difference in these two ΔZPE values (ΔΔZPE) of 2.0 cm–1 (Fig. 4) (Whitehill et al., 2017). 355	

In the process of C–D bond breakage (e.g., during methane oxidation), ∆∆ZPE values 356	

change with the 13C–D stretching vibrational mode, resulting in the reduction of ΔΔZPE at 357	

the transition state, which leads to γ <1, and 13CH3D reacts slower than the rate expected 358	

from the product rule (Whitehill et al., 2017). As D leaves from CH4 and the C–D bond is 359	

stretched, ΔΔZPE decreases due to the longer bond length and lowered interaction between 360	
13C and D at the transition state, resulting in a smaller ΔΔZPE compared to that of the 361	

reactant CH4 (Fig. 4). Accordingly, little to negligible intrinsic clumped isotope effect is 362	

expected (γ ≃1) for a reactant-like early transition state, where the initial ΔΔZPE is largely 363	

retained (Fig. 4c). In contrast, a large kinetic clumped isotope effect (γ <1) is expected for 364	

product-like late transition state (Fig. 4b). Fig. 4 compares the transition state structures of 365	

the enzymes involved in AOM and aerobic methanotrophy, methyl coenzyme M reductase 366	

(MCR) and soluble methane monooxygenase (sMMO), respectively. Notably, the 367	

transition state for MCR has a relatively long C–H bond length of 2.6 Å and planar methyl-368	

radical-like structure (Wongnate et al., 2016), whereas sMMO has a shorter (~1.3 Å) C–H 369	

bond length (Huang et al., 2013). The bond length difference between the two transition 370	

states is consistent with the observed clumped kinetic isotope effect.  371	

The double isotope effect has been previously studied for enzyme kinetics using in 372	

vitro experiments and doubly-labeled isotopologue substrates (Scharschmidt et al., 1984; 373	

Hermes et al., 1984; Rucker and Klinman, 1999). Scharschmidt et al. (1984) studied the 374	
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carbon isotope effect during the oxidation of benzyl alcohol using a doubly-deuterated 375	

substrate (benzyl alcohol-1,1-d2). Similarly, Hermes et al. (1984) studied the double 376	

isotope effect of formate dehydrogenase using 13C–D doubly-labeled formate. They 377	

compared the carbon isotope effects for deuterated and non-deuterated reactants.  378	

Fig. 5 compares the results of the above-mentioned enzyme assay studies on double 379	

isotope effect with those of our clumped methane measurements. Here, the carbon isotope 380	

fractionation factors for non-deuterated reactants (k12/k13)H are compared to that of the 381	

deuterated counterpart (k12/k13)D. Note that the kinetic isotope fractionation factor is 382	

defined as 12C/13C (not 13C/12C as is commonly used in the geochemical community) to 383	

follow the convention in the enzyme community. The maximum clumped isotopologue 384	

fractionation is expected when ΔΔZPE = 0 cm-1 at the transition state. Because the clumped 385	

isotope effect of 13C–D bond is 4 to 6 ‰ (Fig. 6), the maximum clumped isotopologue 386	

fractionation is 4 to 6 ‰ (i.e., (k12/k13)D ≃(1.004 to 1.006)×(k12/k13)H). This analysis does 387	

not consider tunneling effect that would potentially produce additional non-canonical 388	

effects that apparently produce further departure of γ value from unity (e.g., Young et al., 389	

2017). It can be seen that formate dehydrogenase reactions do not produce a clumped 390	

isotopologue effect (γ ≃ 1, i.e., (k12/k13)D ≃ (k12/k13)H), suggesting a reactant-like transition 391	

state. In contrast, the clumped effect (γ<1) is fully expressed for alcohol dehydrogenase, 392	

suggesting a product-like transition state. As a doubly-deuterated substrate is used for 393	

experiments by Scharschmidt et al. (1984), there could also be a secondary deuterium 394	

isotope effect (when D does not participate in bond breaking) for the alcohol 395	

dehydrogenase experiments. Similarly, there is a strong clumped isotope effect for AOM 396	

but no clumped effect for aerobic methane oxidation and gas phase oxidation by OH 397	

radicals, and a relatively small clumped effect for oxidation by Cl radicals (Fig. 5).  398	

4.3 Clumped isotopologues as tracer of methane oxidation processes 399	

4.3.1 Methane isotopologue compositions as a result of kinetic fractionations  400	
Major sinks of methane in the environment include atmospheric oxidation by OH 401	

and Cl radicals, and the aerobic and anaerobic microbial oxidation of methane. If these 402	

reactions impart characteristic isotope fractionation signals, the resulting methane isotope 403	

ratios can be used to partition these processes (Whitehill et al.,2017; Haghnegahdar et al., 404	
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2017). For example, 2α/13α ratio for gas phase oxidation by OH radicals is ~58, which is 405	

distinctively different from the ratio for aerobic microbial oxidation of methane between 6 406	

and 15 (e.g., Whiticar and Schaefer 2007; Wang et al., 2016). Thus, δ13C and δD values of 407	

methane can be used to decouple gas phase versus microbial oxidation processes (e.g., Kai 408	

et al., 2011; Rigby et al., 2012). Experimentally measured 2α/13α ratios for AOM and 409	

aerobic methane oxidation, however, overlap, showing that these ratios may not be able to 410	

distinguish aerobic versus anaerobic methanotrophy (Fig. 2). Our experiments 411	

demonstrated that AOM produces distinct Δ13CH3D (and likely Δ12CH2D2) trajectories that 412	

are very different from aerobic methane oxidation and gas phase oxidation of methane (Fig. 413	

3).  414	

What is the range of isotopologue compositions of methane in nature when methane 415	

is produced by methanogens and consumed by AOM? Below we show that the wide range 416	

of isotopologue compositions of methane are expected from available experimental data 417	

for methanogens (Stolper et al, 2015; Gruen et al.,2018; Young et al., 2017) and AOM (this 418	

study). The relatively narrow range of observed δ13C, δD, and Δ13CH3D values of methane 419	

in marine environment (where AOM occurs) suggests the importance of equilibrium 420	

fractionation, as opposed to two kinetic fractionations. 421	

In the simplest case, when the rate of methane production equals consumption by 422	

AOM (i.e., at a steady state), the isotopologue composition of methane is determined by 423	

the ratio of isotope fractionations by methanogenesis (αmtg) and AOM (αAOM).  424	

 δ CXYZ	
LE = [	\]

^_`

[	\] abc
(δ C	LE XdI + 1) − 1	 	, and  (9) 

 δDXYZ =
[	e ^_`

[	e abc
(δDYId + 1) − 1	 	. (10) 

Using a typical range of 13αmtg values of 0.97 to 0.92 for laboratory cultures of 425	

hydrogenotrophic methanogens (e.g., Botz et al., 1997; Okumura et al., 2016) and 13αAOM 426	

of 0.97 to 0.99 (Table 2 and Holler et al., 2009), steady state δ13CCH4 ranges from 0 to –427	

70 ‰ relative to δ13CCO2. The higher end is comparable to methane equilibrated at near 428	

ambient temperatures (Fig. 6). Similarly, a typical 2αmtg value of 0.73 to 0.66 (low pH2 429	

experiments by Okumura et al., 2016), and 2αAOM values from 0.76 to 0.90 (Table 2 and 430	

Holler et al., 2009) yield δDCH4 of –40 to –270	‰ relative to δDH2O. This range 431	
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encompasses the observed value of δD = –200 to –150 ‰ for methane in marine 432	

environment (e.g., Whiticar, 1999, Okumura et al., 2016).  433	

 The value of Δ13CH3D of methane under a steady state is simply: 434	

 ∆ C	LE HED = ln&𝛾,hi) − ln	(𝛾jkl) (11) 

The ln(γAOM) values from this study (–4.8 to –12.8 ‰, Table 2) and experimentally derived 435	

ln(γmtg) values of –3.8 to +2.3 ‰ for hydrogenotrophic methanogenesis (Gruen et al., 2018; 436	

Douglas et al., 2020) yield the range of the Δ13CH3D value from +1.0 to +15.1 ‰. Most 437	

environmental data show Δ13CH3D values smaller than ca. 7‰, corresponding to apparent 438	

equilibrium temperatures of ca. –12 °C (e.g., Stolper et al., 2015; Wang et al., 2015; 439	

Douglas et al., 2017). The values of Δ13CH3D higher than 7‰ are uncommon but can be 440	

interpreted as a result of mixing (Douglas et al., 2017). Since mixing is non-linear for 441	

Δ13CH3D, mixing of two pools of methane with different δ13C and δD values can produce 442	

methane with a Δ13CH3D value that is outside of the two Δ13CH3D values of original 443	

methane. The observed relatively narrow range of Δ13CH3D values, therefore, argues for 444	

the importance of equilibrium, as opposed to kinetic fractionation for methane in marine 445	

environments. 446	

 447	

4.3.2 Methane isotopologue compositions as a result of equilibrium fractionations  448	
Recent studies linked near-equilibrium clumped isotopologue signals (both 449	

Δ13CH3D and Δ12CH2D2) of methane in shallow marine sediment porewater (Ash et al., 450	

2019) and deep fracture fluids to AOM (Giunta et al., 2019). For the Baltic Sea site, Ash 451	

et al (2019) observed kinetic Δ13CH3D and ΔCH2D2 values (i.e., lower than expected for 452	

equilibrium) in shallow <20 m sediments. Both Δ13CH3D and ΔCH2D2 values increased 453	

with depth where AOM is expected. This is consistent with our results that AOM increased 454	

the Δ13CH3D value. The environmental study of Ash et al. (2019), however, is not 455	

conclusive about equilibrium vs. kinetic control for the observed isotope effects. This is 456	

because if we had stopped our experiments at f >0.5, then we would not be able to 457	

demonstrate if our data resulted from equilibrium or kinetic isotope effects. Similarly, it is 458	

uncertain whether Δ13CH3D values exceeding those of equilibration would appear deeper 459	

in the sediment studied by Ash et al. (2019). Such a signal would indicate kinetic 460	

isotopologue fractionations. 461	
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The estimated rate of AOM for Baltic Sea site studied by Ash et al. 2019 (0.84 pmol 462	

CH4 cm-3 day-1, Dijkstra et al., 2018) is at the low end for marine subsurface sulfate 463	

methane transition zone (Sivan et al., 2007; Knittel and Boetius, 2009) and appears under 464	

low sulfate concentrations (<1 mM), which strongly influence the isotope effects of AOM 465	

(Yoshinaga et al., 2014). In comparison, the rate for our AOM culture is much faster (about 466	

150 nmol cm-3 medium day-1). A faster rate of AOM at high sulfate concentrations and 467	

therefore higher thermodynamic drive likely contributed kinetic signals observed in this 468	

study. While the results of this study demonstrate that AOM does not always produce near-469	

equilibrium signals, it remains to be tested if and under what conditions AOM (and 470	

methanogenesis) produces equilibrium signals.  471	

Here, we consider methane isotopologue fractionation in nature, in particular that 472	

found in marine environment, as a result of equilibrium fractionation by reversible 473	

enzymatic processes. Hydrogenotrophic methanogenesis is a seven-step reaction involving 474	

the transfer of eight electrons (Fig. 6). ANME carries most enzymes involved in 475	

methanogenesis, and is thought to carry out the reverse reaction of methanogenesis (e.g., 476	

Hallam et al., 2004). The last step of methanogenesis, the reduction of methyl-S-CoM, is 477	

catalyzed by MCR: 478	

  CH3-S-CoM + HS-CoB ↔ CH4 + CoM-S-S-CoB   (12) 479	

where CoB and CoM-S-S-CoB are coenzyme B and heterodisulfide complex, respectively. 480	

The reverse reaction is the first step for AOM. For methanogenesis, the reaction is 481	

exergonic at physiological concentrations so that the reaction is favored toward the product 482	

methane (e.g., Scheller et al., 2010, 2013; Thauer, 2011). The first step of methanogenesis, 483	

the reduction of CO2 to formyl-MFR, in contrast, is highly endergonic, and requires a 484	

potential as low as –500 mV Eh, which is much lower than the potential set by the H2/H+ 485	

(–400 mV Eh at 1 bar pH2 at pH=7, which is a rare condition) (Thauer et al., 2008). One 486	

way of achieving this low redox potential is by coupling the highly exergonic last step of 487	

methanogenesis (equation-12) to the endergonic CO2 activation step in a so-called electron 488	

bifurcation reaction (Kaster et al., 2011; Thauer et al., 2010).  489	

The exergonic nature of the last step of methanogenesis can explain kinetic δD and 490	

Δ13CH3D isotope fractionations observed in methanogen culture experiments, which are 491	
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often carried out at high pH2 (>1 bar pH2) (Gruen et al., 2018; Okumura et al., 2016; 492	

Valentine et al., 2004). Fig. 6 shows equilibrium 13C/12C, D/H and 13C-D isotope 493	

compositions estimated from ab initio calculations (for details see Appendix B). If the 494	

addition of the third-H, reduction of CH2=H4MPT (methylene tetrahydromethanopterin) to 495	

CH3-H4MPT, is reversible (as suggested by Stolper et al., 2015), methyl-H of methyl-S-496	

CoM would be isotopically equilibrated with water and result in δD = –126‰ (when δDH2O 497	

= 0‰). The fourth (i.e., the last) H addition is exergonic and produces a large kinetic 498	

isotope effect under most physiological conditions. The resulting δD value of methane can 499	

be derived as:  500	

δDCH4 = ¾ · 2αS (δDCH3+1) + ¼ · 2αp (δDH2O+1) -1 = -374 ‰  (13) 501	

where 2αS and 2αp are secondary and primary kinetic isotope fractionation factors, 502	

respectively (Gruen et al. 2018; Wang et al., 2015). We use 2αp of 0.3 and 2αS of 0.84 from 503	

Scheller et al. (2013). This simple analysis shows that kinetic δD value of –374‰ is due to 504	

three moderately D-depleted H atoms from methyl-CoM of –266‰ with one highly D-505	

depleted (–700‰) H added during the last step of methanogenesis. The value of –374‰ is 506	

within the range (–300 to –400 ‰) commonly observed for laboratory cultures of 507	

methanogens (Okumura et al., 2016; Valentine et al., 2004). For clumped isotopologues, 508	

the last step of methanogenesis was also proposed to be responsible for low and kinetic 509	

Δ13CH3D (and δD) values (Gruen et al., 2018; Stolper et al., 2015). One study showed that 510	

kinetic Δ13CH3D values are not specific to the metabolic pathways of methanogenesis (e.g., 511	

acetoclastic vs. hydrogenotrophic), suggesting that they are produced during enzymatic 512	

reactions common in all methanogenic pathways, such as the reduction of methyl-CoM 513	

(Gruen et al., 2018). Another study, however, measured different isotopologue signals in 514	
13CH3D and 12CH2D2 for different pathways of methanogenesis (Young et al., 2017). The 515	

different observations could be related to the source of methyl group substrates. Thus, the 516	

question remains open regarding the significance of pathways in determining the methane 517	

isotopologue compositions.  518	

The reverse of reaction (12) is the first step of AOM, and limits the rate of AOM 519	

because, under usual physiological conditions, the reaction is favored towards methane 520	

production (e.g., Thauer, 2011). It has been shown that ANME contains high 521	
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concentrations of MCR to increase the rate of reaction (Heller et al., 2008; Shima and 522	

Thauer, 2005). When the reaction (12) in AOM is rate limiting and reversible, it would 523	

lead to D/H isotope as well as 13CH3D isotopologue equilibria. Here, the last H in methane 524	

is derived from HS-coenzyme B, whose H isotope ratio is likely to be equilibrated with 525	

water because of a generally weak S-H bonds. Therefore, there is a good reason to suspect 526	

that AOM will drive the isotopologue signals of the remaining methane towards 527	

equilibrium of δD ≃ –197 ‰ and Δ13CH3D ≃ 5.9‰ (at ambient temperatures) when the 528	

first step of AOM is highly reversible (Fig. 6). The kinetic D- and 13CH3D signals observed 529	

in this study suggest that the first step of AOM was not fully reversible under our 530	

experimental conditions. It is possible that reversibility of AOM is linked to sulfate 531	

concentrations so that experiments with low sulfate concentrations may produce 532	

equilibrium Δ13CH3D values. This, however, remains to be experimentally verified.  533	

Using 14C spiked methane, Holler et al. (2011b) measured the reversibility of AOM 534	

cultures between 5 and 13%. The reversibility measured by 14C represents the reversibility 535	

of the entire reactions from CO2 and CH4 during AOM. In contrast, equilibrium δD and 536	

Δ13CH3D values can be achieved by the reversibility of only the first step of AOM. 537	

Although our results for D- and N-series experiments are preliminary, 60% reversibility of 538	

the first step of AOM is possible. The reversibility of this first step of AOM should be 539	

tested in future experiments.  540	

 541	

5 Conclusions 542	

Fractionations of methane isotopologues during the anaerobic oxidation of methane 543	

(AOM) were investigated experimentally with sediment-free cultures of ANME-1 archaea 544	

and partner bacteria. The AOM in our experiments produced kinetic isotope fractionations 545	

of 11.1 to 18.3 ‰ and 117 to 180 ‰ for 13C and D, respectively, where residual methane 546	

is enriched in 13C and D relative to 12C and 1H. The clumped isotopologue, 13CH3D, also 547	

followed kinetic fractionation, where Δ13CH3D values increased up to 8.4‰, which is 548	

above the value expected for isotopologue equilibrium. Experiments to test the effect of 549	

δD values of medium water were inconclusive about the reversibility of AOM. Previous 550	

laboratory culture experiments of methanogenic microbes have exclusively produced 551	
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lower Δ13CH3D signals than those expected for equilibrium at their growth temperatures. 552	

Our results demonstrate that AOM increases the Δ13CH3D value and produces low apparent 553	

temperature signals for remaining methane, and can explain the range of Δ13CH3D values 554	

measured for methane in natural environments.  555	

 556	
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 571	
Appendix 572	
Appendix A: A modified Rayleigh equation that includes a reversible reaction 573	

The potential effect of reversibility for the derived fractionation factor (α) and the 574	

δD value of medium water was evaluated by constructing a modified Rayleigh fractionation 575	

model that includes internal reversibility during the first step of AOM, as the scheme shown 576	

in Fig. A1. The model does not track the reaction beyond CH3-S-CoM due to uncertain 577	

isotope fractionation factors for subsequent reactions. Although incomplete, this model 578	

approach enables reasonable complexity and reduces the number of unknown variables.  579	

Continuity equations for the reaction scheme in Fig. A1 can be written as:  580	

	581	
 𝑑𝑥L

𝑑𝑡 = −𝑘L𝑥L + 𝑘I𝑦L	 (A1) 
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 𝑑𝑦L
𝑑𝑡 = 𝑘L𝑥L − (𝑘I + 𝑘E)𝑦L	 (A2) 

 𝑑𝑥I
𝑑𝑡 = −B

1
4𝛼L- +

3
4𝛼L*D 𝑘L𝑥I + 𝛼I-𝑘I𝑑r𝑦L + 𝛼I*𝑘I𝑦I	

(A3) 

 𝑑𝑦I
𝑑𝑡 = −

3
4𝛼L*𝑘L𝑥I + s𝛼I*𝑘I + B

1
3𝛼E- +

2
3𝛼E*D 𝑘Et 𝑦I (A4) 

	582	
where, x1, x2, y1, and y2 are concentrations for CH4, CH3D, CH3-S-CoM and CH2D-S-CoM, 583	

respectively, and kn (n=1, 2, or 3) are the first order rate constants for non-deuterated 584	

isotopologues, and αnp and αns are the primary and secondary isotope fractionation factors, 585	

corresponding to the rate constant, kn. For natural D abundance, the flux from CH3D to 586	

CH4 is ignored for the mass-balance of CH3-S-CoM. This simplifies the equation A2 and 587	

subsequent solutions without affecting the results.  588	

Assuming steady states for intermediate species (i.e., dy1/dt=dy2/dt=0), differential 589	

equations (A1) to (A4) can be reduced to: 590	

	591	
 𝑑𝑥L

𝑑𝑡 = 𝑎𝑥L	 (A5) 

 𝑑𝑥I
𝑑𝑡 = 𝑏𝑥L + 𝑐𝑥I	 (A6) 

	592	
Where,	593	
 

𝑎 = −𝑘L𝜙	 (A7) 

 
𝑏 = 𝛼I-𝑑r𝑘L(1 − 𝜙)	 (A8) 

 
𝑐 = −𝑘L yB

1
4𝛼L- +

3
4𝛼L*D +

3
4

𝛼L*𝛼I*(1 − 𝜙)		

𝛼I*(1 − 𝜙) + z
1
3𝛼E- +

2
3𝛼E*{𝜙

| 𝑥I (A9) 

	594	
and ϕ is the forward commitment defined as (e.g. Singh et al., 2016): 595	

	596	
 

𝜙 =
𝑘E

𝑘I + 𝑘E
	 (A10) 

	597	
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The value of ϕ varies from 1 to 0 for unidirectional to fully reversible reactions, 598	

respectively. This parameterization avoids the value of ϕ becoming infinity (as opposed to 599	

defining ϕ=k2/k3). The analytical solutions for the differential equations (A5) and (A6) are: 600	

	601	
 𝑥L(𝑡) = 𝑥L}𝑒+h	

	
(A11) 

 𝑥I(𝑡) = 𝑥L}
𝑏

𝑎 − 𝑐 	𝑒
+h + B𝑥I} − 𝑥L}

𝑏
𝑎 − 𝑐	D 𝑒

5h	
	

(A12) 

where, x1i and x2i are initial concentrations. Equations A11 and A12 are used to derive an 602	

analytical solution for the δD value of methane as a function of fraction remaining, f (= 603	

exp(at)): 604	

	605	
 𝛿𝐷 + 1 =

𝜔
𝑅}
+ B1 −

𝜔
𝑅}
D 𝑓ÇÉL	

	
(A13) 

where ω = b/(a-c) and θ =c/a (in equations A7, A8 and A9), and Ri is the isotopologue ratio 606	

(CH3D/CH4) at t=0. Note that the ratio is four times that of bulk D/H ratio of methane 607	

because of the symmetric factors. Equation (A13) compares the analytical solution for the 608	

reaction scheme in Fig. A1 with that of the conventional Rayleigh equation.  609	

We applied the equation (A13) to fit δD data for D- and N-series experiments to 610	

examine the potential impact of δD values of medium water. We assumed the secondary 611	

isotope effects (α1s, α2s, and α3s) of 0.85 (following Scheller et al., 2013), and fit the data 612	

with two fitting parameters, α1p (assumed equal to α3p), and ϕ. The value of α2p was 613	

constrained by α1p and the equilibrium fractionation between CH4 and CH3-S-CoM in Fig. 614	

6. The MATLAB script of the model is available in Electronic Annex. The best fit to the 615	

data was obtained for α1p = α3p = 0.823 and ϕ = 0.40 (Figure A1), suggesting a potentially 616	

substantial reversibility for the reaction (i.e., back flux is 60% of the forward flux). This 617	

model, however, is highly preliminary because of the lack of data for control experiments 618	

(N-series) at later time points of the experiments (f <0.5, Fig. 1e). We recognize that this 619	

is important area of future research, and we present this model in order to aid the design of 620	

future experiments. We suggest that the best approach would use water with more distinct 621	

δD values by spiking with D2O and taking data for later time steps, where the effect of 622	

reversibility is better expressed than in earlier time steps.  623	
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 624	

Appendix B: Estimation of equilibrium fractionations 625	

Equilibrium fractionations shown in Fig. 6 were estimated by calculating reduced 626	

partition function ratios following the conventional formula (e.g., Bigeleisen and Mayer, 627	

1947; Urey, 1947). Normal mode frequencies were estimated by molecular simulation by 628	

B3LYP with the 6-311+G** basis set using GAMESS software (Gordon and Schmidt, 629	

2005). Reduced partition function ratios for intermediate compounds were approximated 630	

by simple molecules, in which the same number of H, N, O, and S-atoms are bound to the 631	

C atom that contains the C-H bonds in question. We used following compounds as 632	

analogues: formamide (for CHO-MFR in Fig. 6), pyrimidine (for CH=H4MPT), 633	

methylenediamine (for CH2=H4MPT), methylamine (for CH3-H4MPT), and methanethiol 634	

(for CH3-S-CoM). Discussion for the accuracy for using these “cutoff” model can be found 635	

in Heskey and Schowen (1983) and Rucker and Klinman (1999). The results of the 636	

calculation should be taken as a first order approximation because of a number of 637	

assumptions made. In addition to the use of cutoff molecules, our calculation assumed gas 638	

phase molecules and harmonic oscillators. For D/H isotope fractionation, in particular, 639	

anharmonic effect and solvation are expected to be important (Richet et al., 1977; Wang et 640	

al., 2009). These effects, however, tend to cancel out when comparing fractionation factors 641	

estimated by the same computational method such that relative fractionation factors among 642	

modeled compounds can be accurate (Wang et al., 2009). We used the experimental 643	

fractionation factor for H2O(gas)/H2O(liquid) of Horita and Wesolowski (1994) and 644	

calculated the fractionation factor for C-H compounds against H2O(gas) to derive the 645	

equilibrium fractionation factor against liquid H2O. For clumped isotope effect, 646	

anharmonic effects can produce about 0.3‰ bias for Δ13CH3D at a temperature below ca. 647	

100 °C but estimates form different levels of theory agree well (Liu and Liu, 2016; Webb 648	

and Miller, 2014).  649	

 650	
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Table 1: Results from incubation experiments with the AOM cultures. Errors for 913	
Δ13CH3D values are 95% confidence intervals for TILDAS measurements (N = 4 to 8).  914	
 915	

Sample ID time (days) CH4 oxidized 
(%) 

sulfide 
(mM) 

δDH2O (‰) δ13CDIC (‰) δ13CCH4 (‰) δDCH4 (‰) Δ13CH3D (‰) 

         
Initial CH4 from cylinder for C and B series  -36.74 -166.02 1.63±0.64 

         
C series         

C0 0 0.0 0.39 n.m. n.m. n.m. n.m. n.m. 
C1 1 0.5 0.46 -48.2 -9.2 -37.12 -165.14 1.79±0.32 
C2 8 8.1 1.50 -48.8 -10.3 -35.44 -153.75 2.13±0.28 
C3 14 12.6 2.14 -48.7 -11.2 -34.23 -142.09 2.35±0.43 
C4 21 21.5 3.36 -48.6 -12.1 -33.05 -130.19 3.05±0.46 
C5 28 31.2 4.68 -48.6 -13.0 -31.16 -111.49 3.86±0.33 
C6 35 34.3 5.11 -48.6 -13.4 -30.68 -108.10 4.37±0.23 
C7 42 35.6 5.29 -48.6 -13.7 -29.05 -92.67 5.06±0.25 
         

B-series         
B0 0 0.0 0.32 n.m. n.m. -36.90 -166.02 1.74±0.22 
B1 4 5.2 1.04 -53.6 -13.3 -36.07 -158.89 2.07±0.42 
B2 11 13.4 2.18 -53.5 -14.1 -34.01 -141.00 2.65±0.28 
B3 18 24.1 3.64 -53.6 -16.4 -32.33 -126.44 2.98±0.18 
B4 25 35.1 5.14 -53.7 -16.7 -31.19 -117.09 3.34±0.18 
B5 32 43.0 6.18 -53.7 -18.0 n.m. n.m. n.m. 
B6 39 46.6 6.71 -53.5 -18.6 -26.71 -80.47 4.47±0.10 
B7 46 61.0 8.68 -53.5 -20.2 -21.81 -37.72 5.47±0.20 
B8 54 55.0 7.86 -53.6 -19.5 n.m. n.m. n.m. 
B9 60 69.9 9.86 -53.7 -20.7 -18.90 -6.39 7.07±0.22 
B10 67 75.2 10.64 -53.8 -20.6 n.m. n.m. n.m. 

Abiotic controls 
       
       

X1 1 n.m. 0 -48.6 -7.2 -36.82 -165.95 1.87±0.49 
X2 14 n.m. 0 -48.5 -8.4 -36.68 -165.78 1.41±0.38 
X3 41 n.m. 0 -48.5 -8.7 -36.31 -164.93 1.45±0.25 
         
         

Initial CH4 from cylinder for D and N series  -42.00 -189.56 2.5±0.93 
         

D-series         

D1 0 0.0 0.44 -202.2 -17.9 -42.12 -189.82 2.67±0.29 

D2 3 1.7 0.69 -199.6 -18.6 -42.00 -187.68 2.95±0.30 
D3 7 7.1 1.49 -199.8 -20.1 -41.42 -182.54 3.5±0.23 
D4 11 12.9 2.36 -199.9 -22.3 -40.51 -174.37 3.7±0.18 
D5 15 20.9 3.56 -200.3 -24.0 -39.61 -166.58 4.1±0.32 
D6 19 26.5 4.40 -200.2 -25.2 n.m. n.m. n.m. 
D7 24 35.3 5.71 -199.3 -26.5 -36.89 -146.01 4.68±0.36 
D8 28 49.7 7.85 -199.7 -28.3 -36.04 -138.37 5.19±0.22 
D9 31 50.1 7.93 -200.6 -28.6 n.m. n.m. n.m. 
D10 35 61.6 9.64 -199.4 -30.1 -32.45 -107.65 6.36±0.18 
D11 49 81.8 12.65 -201.0 -31.1 -30.34 -79.77 8.46±0.21 
         

N-series         
N1 0 0.0 0.36 -55.5 -17.8 -42.09 -189.82 2.54±0.46 
N2 n.m. n.m. 0.65 -55.0 -18.5 n.m. n.m. n.m. 
N3 7 7.1 1.42 -55.0 -19.7 -41.57 -180.64 3.17±0.28 
N4 n.m. n.m. 3.20 n.m. -23.4 n.m. n.m. n.m. 
N5 24 23.6 3.89 -54.8 -24.3 -38.82 -156.82 3.35±0.33 
N6 31 47.5 7.45 -55.0 -28.2 -35.28 -126.22 4.43±0.34 

n.m.: not measured        
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 918	
 919	
 920	
Table 2: Kinetic fractionation factors calculated from experimental results.  921	
 922	

Series 13ε (‰) 2ε (‰) γ 1-γ (‰) 

C 18.3±0.7 180.0±5.4 0.9872±0.0010 12.8±1.0 

B 17.0±0.5 164.9±4.9 0.9916±0.0004 8.4±0.4 

D 11.1±0.4 116.5±3.5 0.9947±0.0003 5.3±0.3 

N 11.3±0.5 141.1±6.0 0.9952±0.0009 4.8±0.9 
 923	
Errors are estimated for uncertainty of H2S measurements of 5% and 95% confidence 924	
interval for isotopologue measurements. Errors for γ values are estimated by propagating 925	
errors for 13α, 2α and the linear regression slope in ln(f) versus Δ13CH3D (Fig. 1) without 926	
considering covariance.  927	
 928	
  929	
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 930	
 931	
 932	
 933	

 934	
 935	

Fig. 1: Evolution of isotopologue compositions during methane consumption by AOM. 936	
Diagram (a), (b) and (c) show the results from B- and C-series (open circle and filled 937	
square, respectively), and diagrams (d), (e), and (f) show the results from D- and N-series 938	
(open square and filled diamond, respectively). The slopes for least square fits are 939	
representing ε values and shown in the diagram.  940	
  941	
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 942	

 943	
Fig. 2: Carbon and hydrogen isotope fractionations for aerobic and anaerobic microbial 944	
methane oxidation during laboratory culture experiments. Anaerobic oxidation of methane 945	
from this study and in psychrophilic AOM cultures from Holler et al. (2009) are shown in 946	
filled symbols (blue circles and red diamonds, respectively). They are compared with data 947	
for aerobic oxidation of methane shown in open symbols (data from Coleman et al., 1981, 948	
Kinnaman et al., 2007; Powelson et al., 2007; Wang et al., 2016).  949	
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 952	
 953	
 954	
	955	

 956	
Fig. 3: Evolution of (a) δ13C, (b) δD and (c) Δ13CH3D values of residual methane during 957	
different methane oxidation processes. Methane oxidation by AOM (this study, filled blue 958	
circles), aerobic methane oxidation by M. capsulatus (Wang et al., 2016, filled red 959	
diamonds), and gas phase oxidation by OH and Cl radicals (Whitehill et al., 2017, open 960	
circles and squares, respectively) are shown. The values for δ13C, δD and Δ13CH3D are 961	
referenced against initial methane.  962	
  963	
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 964	
 965	
 966	
 967	
 968	
 969	
 970	
 971	
 972	

 973	
 974	
 975	
Fig. 4: Illustration of ΔΔZPE effect as the origin of the clumped isotopologue effect. (a) 976	

shows that ΔΔZPE of 2 cm-1 is the difference in ΔZPE values between 13CH4/12CH4 and 977	
13CH3D/12CH3D. The diagram (b) and (c) show the geometry of transition states around 978	

methane activation sites for methyl-S-CoM reductase for AOM (from Wongnate et al., 979	

2016) and sMMO for aerobic methane oxidation (from Huang et al., 2013). Due to the 980	

elongated C–H bonds for methyl-S-CoM transition state, the ΔΔZPE effect is expected to 981	

be much smaller than 2 cm-1 at the transition state. 982	

  983	
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 984	
 985	
 986	
 987	
 988	

		  989	
Fig. 5: Double isotope effect for C-H bond breaking reactions. Here, carbon kinetic isotope 990	

effect (k12/k13) is compared for non-deuterated versus deuterated compounds. Filled circles, 991	

AOM (this study); filled squares, aerobic methane oxidation (Wang et al., 2018); filled 992	

triangle and diamond, oxidation by OH and Cl radicals (Whitehill et al., 2017); open 993	

square, alcohol dehydrogenase (Scharschmidt et al., 1984); and open circle, formate 994	

dehydrogenase (Hermes et al., 1984). The solid line shows 1:1 relationship, which is 995	

expected when there is no intrinsic clumped effect. Dashed line shows 1:1.006 relationship, 996	

which is expected for clumped isotope effect of 6‰.  997	
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 1000	

 1001	

 1002	

 1003	

 1004	
 1005	

Fig. 6: A schematic showing the pathway of hydrogenotrophic methanogenesis and 1006	

approximate equilibrium isotope and isotopologue fractionations estimated from truncated 1007	

molecular simulation (Wang et al., 2015). Predicted isotope compositions, δ13C and δD 1008	

(in ‰), are referenced to those of CO2 and H2O, respectively, and Δ13CD value is against 1009	

stochastic distributions. Pathway is taken from Thauer (2011). Abbreviations are: MFR, 1010	

methanofuran; H4MPT, tetrahydromethanopterin; CoM, coenzyme M. The last reaction, 1011	

reduction of methyl-S-CoM to methane is exergonic and often unidirectional, and is 1012	

hypothesized to be the source of kinetic D- and 13CH3D-isotope signals of microbial 1013	

methane. 1014	
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	1017	
	1018	
	1019	

	1020	
Figure	A1:	The	reaction	scheme	used	to	derive	the	modified	Rayleigh	equation	that	1021	

includes	the	reversibility	of	the	first	step.	See	text	for	symbols.			1022	
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	1025	
	1026	

	1027	

	1028	
	1029	
Figure	A2.	Model	fit	to	the	data	for	four	experiments.	The	best	fit	was	obtained	for	1030	

primary	D/H	fractionation	factor	(α1p)	of	0.707	and	forward	commitment	(ϕ)	of	1031	

0.311	for	B-	and	C-series	experiments,	and	0.823	and	0.401,	respectively	for	D	and	N	1032	

series	experiments.		1033	
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